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Abstract. A large-scale sea-ice - oceanic mixed-layer 
model for the Southern Ocean is forced with daily at- 
mospheric fields from operational numerical weather 
prediction analyses. The strength of the atmospheric 
forcing is modified considering atmospheric surface- 
layer physics, which is itself directly dependent on the 
instantaneous sea-ice condition provided by the sea-ice 
model. In earlier applications, the atmospheric drag on 
sea ice was computed from the local momentum trans- 
fer over ice. In the present study, this is replaced by a 
large-scale momentum flux, which is characterized bya 
large-scale stability function and a large-scale rough- 
ness length. The large-scale roughness length depends 
on the local skin drags and on the form drag, where the 
latter is given as a function of the ice-plus-snow free- 
board and the ice concentration, both provided by the 
sea-ice model. The thermodynamic part of the calcula- 
tion is given by the local fluxes, which depend on the 
local stability of the atmospheric surface layer. This, 
physically more reasonable, description of the large- 
scale dynamic forcing generally leads to an increase of 
the momentum transfer via an increase of the rough- 
ness length and a decrease of the stability in the atmo- 
spheric surface layer. Finally, this yields improved 
model results, especially in terms of a more dynamic 
pattern of the ice-thickness distribution. 
1 Introduction 
Scientists engaged in coupled ocean - atmosphere gen- 
eral circulation model (GCM) experiments have gener- 
ally recognized that the simulation results in high and 
mid-latitudes are highly dependent on the treatment of 
the sea-ice component (Meehl and Washington 1990; 
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Manabe et al. 1992; Cubasch et al. 1992). One problem 
is related to the physical description of the sea-ice com- 
ponent itself, which in coupled GCMs is usually rather 
crude in comparison to sea-ice models used for region- 
al polar studies. Specifically, certain first-order effects 
that occur e.g. due to the consideration of an ice rheo- 
logy for the ice dynamics or a comprehensive heat- 
budget calculation including the insulation effect of 
snow (St6ssel et al. 1990), are usually not properly de- 
termined. 
The other crucial part of the sea-ice treatment is the 
proper determination f the fluxes between the atmo- 
sphere, sea-ice and ocean components. In order to en- 
sure this, it appears to be necessary to resolve more 
physical processes within the transition zones from one 
component to the other, i.e. to account for boundary- 
layer processes including sub-grid scale features due to 
surface heterogeneities. 
This is a problem which ought to be addressed also 
in forced experiments. Questions concerning interac- 
tive and boundary-layer p ocesses together with the 
specification of the appropriate forcing (coupling) in- 
terface are inherent and decisive for forced simula- 
tions, too. 
In sea-ice regions the dominant factors controlling 
the strength of the forcing or coupling between atmo- 
sphere and sea ice originate from the extremely heter- 
ogeneous horizontal distribution of static stability with- 
in the atmospheric boundary layer, and the variations 
in surface roughness due to variable ice and snow 
thicknesses, deformations in the form of pressure 
ridges and variable ice coverage. These aspects are re- 
ferred to in St6ssel (1992) and Claussen (1991a). 
Another aspect not very well considered so far is re- 
lated to the large-scale application of the sea-ice com- 
ponent. Since sea-ice simulations on GCM scales are 
far from resolving ice floes, sea ice is treated as a con- 
tinuum. However, options are provided to present a 
grid cell partially ice covered (expressed by the ice 
concentration or ice compactness), dividing the grid 
cell into two regions with totally different characteris- 
tics of the respective (local) atmospheric boundary 
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layers. Furthermore, the local boundary layers merge 
to a mixture of their characteristics beyond a certain 
height above the surface (the blending height) depend- 
ing on the specific distribution of the ice-covered and 
ice-free part within a grid cell. 
In earlier sea-ice simulations (StOssel 1992) the forc- 
ing level was established at a certain height above the 
surface in order to introduce modifications of the forc- 
ing based on atmospheric surface-layer (ASL) physics. 
Specifying the atmospheric forcing above the blending 
height suggests the boundary-layer modifications of 
the dynamic forcing to be determined by "large-scale" 
or "effective" boundary-layer quantities. These are cal- 
culated as functions of the ice concentration, ice free- 
board, snow thickness and the local surface-layer quan- 
tities, representing the main issue of this study. 
After some basic comments on the applied models 
and forcing fields in Section 2, a detailed description of 
the large-scale modifications to the earlier atmospheric 
surface-layer formulation is given in Section 3. The im- 
pact of these modifications on the results are presented 
in Section 4, primarily as differences from studies with 
local derivation of the momentum transfer. 
2 Basic models and forcing fields 
The basic model consists of a dynamic-thermodynamic 
sea-ice model coupled to an oceanic mixed-layer mod- 
el, both described in detail in Lemke et al. (1990). 
Snow condition is described according to Owens and 
Lemke (1990). Atmospheric boundary-layer parame- 
terizations were introduced by St6ssel (1992). The ear- 
lier literature is referred to for the model formulations, 
since they are comprehensive and not critical for the 
present study. 
As in the earlier studies, the region of interest is the 
entire Southern Ocean. Following St6ssel (1992), the 
model grid is spherical with Aq~=2.5 ° and AA=5 °, the 
time step is one day and the integration time 6 years to 
achieve cyclostationarity with respect o the ice vol- 
ume. The main atmospheric forcing variables consist of 
real-time daily mean temperature, humidity and winds 
at the 1000 hPa level from the global analyses of the 
European Centre for Medium Range Weather Fore- 
casts (ECMWF) (Trenberth and Olson 1988). The sur- 
face pressure is derived from variables of the same 
data set. The reasons for using these essentially model 
generated ata and the reconstruction of the actual 
forcing level are described in St6ssel (1992). As in the 
earlier studies, the final year of integration is deter- 
mined by the real-time forcing of the year 1986. All 
other forcing variables are derived from climatologies, 
also being equivalent to the earlier specifications (see 
St6ssel et al. 1990). 
The equations of interest for the present study are 
those of the atmospheric surface-layer parameteriza- 
tion and those related to the heterogeneous surface of 
a model grid cell. In the earlier applications it was as- 
sumed that the boundary layers develop separately (lo- 
cally) over the ice-free and the ice-covered part of a 
grid cell. In the present study, this scheme is retained 
to calculate the local heat budgets, which largely deter- 
mine the ice growth rates. Specifically, it is assumed 
that the turbulent heat fluxes are governed by the local 
stabilities of the respective ASLs. The motivation for 
this approach is given in St6ssel (1992) and is summar- 
ized in the following. 
Independent of the particular atmospheric forcing 
used, there is only one forcing variable (e.g. air tem- 
perature) per grid cell available. This actually ought to 
be a blend of data sampled over the instantaneous 
(heterogeneous) ea-ice distribution in the grid cell 
area or, in case of an atmospheric GCM (AGCM) 
product, a result depending on the instantaneous 
boundary conditions of the AGCM. By raising the 
forcing level to the top of the ASL, the requirement 
for local atmospheric surface forcing variables (2 m or 
10 m quantities) is relaxed, the local forcing being de- 
termined via the local ASL properties. 
The formulas describing the atmospheric surface 
layers were derived from Louis (1979). They are based 
on the Monin-Obukhov similarity theory, the Monin- 
Obukhov length being replaced by the Richardson 
number for the lowest atmospheric layer. The local 
Richardson numbers over the ice-covered (i) and the 
ice-free (o) parts yield: 
Rii, o=gZa(Oa - 0i, o + 0.61 O.(q -q i ,  o))/(Oa I~a[ 2), (1) 
where: g: acceleration due to gravity, 
za: height of the lowest atmosphere layer 
( = forcing level), 
Oa: potential temperature of the lowest atmo- 
sphere layer, 
0i: potential temperature at ice-covered sur- 
face ( = T/), 
0o: potential temperature at ice-free surface 
(=to), 
T,, o: local surface temperatures, 
q: specific humidity of lowest atmosphere 
layer, 
o: specific humidities at the local surfaces, 
: wind in the lowest atmosphere layer. 
Here, the surface variables are determined by the local 
surface properties, e.g. Ti by the ice- or snow-surface 
temperature in the ice-covered part and To by the sea- 
surface temperature [=oceanic mixed-layer tempera- 
ture Zol in St6ssel (1992)] in the ice-flee part (=freez- 
ing point, when ice occurs within a grid cell). 
In the present application, za = 30 m, unless the sur- 
face pressure xceeds = 1004 hPa, i.e. the 1000 hPa lev- 
el lies above 30 m. In this case, Za increases together 
with the 1000 hPa level (St6ssel 1992). 
The local friction .velocities (u,i, o) are defined from 
the vertical eddy fluxes of momentum: 
= 2 = K IVal FMio, (2) 
(w u )i, o =- u,i, o In (Z2Zoi, o) 
where x: von Karman constant 
z0~,o: local roughness lengths 
Fu~o: stability functions for local momentum 
fluxes. 
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Following StOssel (1992), the local roughness length 
over ice is specified as z0i= 1' 10-z m. The roughness 
over the ice-free part is determined by the local 
wind-generated waves, implicitly formulated by Zoo 
= Cu2o/g, where C=0.032 is the Charnock constant. 
The corresponding scaling temperatures (0,i,o) are 
assumed to be related to the vertical eddy fluxes of 
sensible heat: 
- (w '  0")~,o =- (u,O@,o- QsEi, o 
paCpa 
_- K2]Va] (0o- Oi, o)FHi, o (3) 
0.74 In 2 (Za/Zoi, o) ' 
where Qsei, o: local sensible heat fluxes, 
pa: air density, 
Cpa: specific heat of air at constant pres- 
sure~ 
Fro, o: stability functions for local turbulent 
heat fluxes. 
The (local) latent heat fluxes (QrAi, o) are given by ana- 
logous formulas with q and qi, o. 
After a slight modification according to Claussen 
(1991a), the stability functions combine as follows: 
1 
FM'H = ( (I + 2.4.7 Ri)2) 6jk 
( 9"4Ri -)(1--6jk), (4) 
+ 1-  I+CM, HIRilO. 5 
where 6 is the Kronecker symbol and j = k, if Ri >_ O, 
with 
( ,;94  CM,,=(7.4, 5.3) ln~j  " 
For neutral and convective stratifications these formu- 
las follow from analytical adaptations to the functions 
of Businger et al. (1971). In the case of highly stable 
stratifications, the expression for FM, H follows from an 
asymptotic approach toward zero for increasing Rich- 
ardson numbers (Louis 1979). 
3 Modifications for large-scale applications 
In earlier applications (St0ssel 1992), the momentum 
transfer from the atmosphere to the ice was deter- 
mined by local properties. However, observations and 
simulations (e.g. Hanssen-Bauer and Gjessing 1988; 
Andreas et al. 1984; Overland and Davidson 1992; 
Claussen 1991a; Simmonds and Budd 1991; Worby and 
Allison 1991; StOssel 1992) suggest his momentum 
transfer to be determined by aggregated, grid-cell aver- 
aged quantities. For large-scale modelling sub-grid 
scale effects due to heterogeneous compositions at the 
surface may be considered by weighting the local prop- 
erties linearly with the surface composition. Observa- 
tions, however, imply that certain surface features, e.g. 
leads in the case of sea ice, may dominate the large- 
scale characteristics, even when their fraction is rather 
small (Claussen 1991b). This non-linear behaviour is 
accounted for in the present study by a blend of the 
local ASL properties. The translation of the sub-grid 
scale properties to the large-scale quantities is de- 
scribed in the following. 
First, it is necessary to introduce a measure for the 
surface roughness in terms of an "effective" or "large- 
scale" roughness length. In sea-ice areas with ice com- 
pactness lower than 100%, the effective roughness 
length is determined by the freeboard of the (level) ice 
floes (including snow), by the size of the floes, by pres- 
sure ridges, by the local skin frictions and by the sea- 
surface roughness of the ice-free parts (waves). 
The (effective) ice (plus snow) freeboard is given 
by 
by= (h, (1 - p,/pw) + h, (1 - pJpw))/Ni, (5) 
where pi: density of sea ice, 
pw: density of water, 
p,: density of snow, 
hi: mean (grid cell averaged) ice thickness, 
hs: mean snow thickness, 
Ni: ice coverage per grid cell. 
In order to avoid exaggerated freeboards at locations 
where snow has accumulated to a few metres, a snow 
to ice conversion is introduced closely following Lep- 
pfiranta (1983) and St6ssel (1985). Instead of creating a
new aggregate in the form of snow ice, however, snow 
is directly converted into ice whenever the weight of 
the snow exceeds the buoyancy of the ice-plus-snow 
column to an extent hat the snow submerges below 
the water line. The draught of the ice-plus-snow co- 
lumn is given by: 
hd = (h, pJpw + h, pi/pw)/Ni. (6) 
Whenever hd>hi (where /~i is the effective ice thick- 
ness defined as/~i = hi/Ni), hi is set equal to hd and the 
(effective) snow thickness (/~s = hflN~) is reduced by 
A[zs = (hi - hd) Pi/Ps. (7) 
Additionally, it is necessary to know the horizontal 
scale of roughness variations, /2. Over sea ice 
/2=Lz+Lo, where L, is the floe size and Lo the lead 
size, both considered parallel to the upwind direction. 
Since these quantities are not provided by the sea-ice 
model, the average floe size is assumed to be given as a 
function of the effective ice thickness, e.g. Lz = hi' 100. 
As will be shown later, this estimation can be related 
to the "relative length /3" ([3=Li/hf) introduced by 
Hanssen-Bauer and Gjessing (1988), hereinafter refer- 
red to as HG. 
The sea-ice model does not provide any information 
about the height and frequency of pressure ridges. 
Thus, its direct roughness contributions are neglected. 
However, there is some indirect compensation due to 
the addition of snow, which in the present formulation 
is added as a rigid body on top of the ice (Eq. 5). Since 
snow usually is smoothed at the windward edges, its 
contribution to the surface roughness i thus somewhat 
overestimated. 
After the surface roughness conditions have been 
introduced, the derivation of the large-scale ASL 
quantities i described in the following. 
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In order to express the effective wind stress (also 
called total wind drag) ~-a over a heterogeneous area of 
sea ice, the drag-partition theory is used (Arya 1975): 
7ga = ('iS> "~ q-F, (8) 
where (q-s): mean skin drag (=N~q-s~+(1-N D q-So), 
q-si: local skin drag over ice-covered part, 
~So: local (undisturbed) skin drag over ice-free 
part, 
q-F: form drag due to floe edges. 
A detailed discussion of the drag partition theory is 
found in Marshall (1971) together with its evaluation in 
wind-tunnel experiments. 
In turbulent flow over rough surfaces, the division 
between skin and form drag is somewhat arbitrary. In 
the present application, the skin drag is considered to 
be that portion of the drag which is associated with 
roughness elements with dimensions of the order of a 
few centimetres or less. The effect of these small ele- 
ments on the surface-layer flow is determined by the 
local roughness lengths of ice (zoD and of water (Zoo), 
respectively. The influence of larger roughness ele- 
ments are represented by the form drag, which is part 
of the parameterization of the effective roughness 
length. 
In accordance with Arya (1975), it is assumed that 
wakes, which originate at downwind obstacles, blend at 
a height zb such that for heights Za ~Zb the flow is in 
equilibrium with the local surface, whereas for Za >> Zb 
single wakes are presumed not to be identified individ- 
ually, i.e. the flow just 'feels' a rougher surface. For 
heights z~'~zb, and not too close to the obstacles, the 
wind profile can be parameterized by the local rough- 
ness lengths and local friction velocities. For z~>>zb, on 
the other hand, the wind profile is a function of an ef- 
fective roughness length Zo and an effective friction 
velocity tL. At the blending height, zb, both conditions 
are approximately met. Thus, the ratio of the total 
aerodynamic drag to the (undisturbed) skin drag over 
open water yields 
~ (ln(zflZoo))2, 
q-,o - \ (9) 
so that for the effective roughness length go: 
in (go~Zoo) = In (zb/Zoo) (1 - (;ra/rso) -o.5). (10) 
In order to compute the effective roughness length, 
the mean skin drag ((rs)) and the form drag (rF) have 
to be known. The form drag is parameterized in the 
conventional manner (e.g. Marshall 1971) by assuming 
that r~ is proportional to a 'roughness-element' drag 
coefficient ca, the lateral cover h//2 of roughness ele- 
ments, and the square of mean velocity at a height h/e, 
i.e. ]~a (h/e) 12 = (TSo/Pa) (in (h/(e Zoo))/K)2, where 
e = exp (1). In addition, it is assumed that sheltering ef- 
fects at floe edges can be considered by introducing a
factor s=(1-exp(-O.18Lo/hi) according to HG. 
Hence, the ratio of the form drag to the open-water 
skin drag can be written as 
cdhs TI , )2 = ~-~ m(h/(eZoo)),  , (11) 
•So 
where ca is set equal to 1, following HO. 
With respect o the estimation Li =/~i" 100 given ear- 
lier, the approximation h~--0.1./~ in case of zero snow 
cover yields /3~ 1000. Accounting for snow, however, 
with hs being on average some 10% of hi, /3 yields a 
value of approximately 500. Quantifying this value in 
terms of q-F/rSo as a function of ice compactness (HG), 
the maximum form drag is achieved at Ni ~ 90%. This 
value is in good agreement with observations across 
the Southern Ocean ice edge (Andreas et al. 1984). 
The ratio of the mean skin drag to the open-water 
skin drag is estimated by assuming that the large-scale 
turbulent fluxes merge at sufficiently large heights 
above the ground. It is suggested that this height is 
roughly as large as the blending height zb. Further- 
more, attenuation of skin drag on narrow leads due to 
wind reduction upwind and downwind of ice-floe edges 
is neglected. It was shown by HG that this effect is 
small for /3_>500 (its sensitivity will be evaluated in 
Sect. 4.3). Hence 
(rs) . . . .  _ ( In (zb/Zoo) ~z, (12) 
q-So ~ln(zb/(Zo)) / 
where (z0) is the aggregated roughness length of z0i and 
Zoo. As shown in Claussen (1991a), (Zo) can be derived 
from 
In@0) =N~ lnzo,+ (1 -N~) In Z0o, (13) 
providing a reasonable stimate. 
For estimating the blending height it is assumed that 
the dispersion of wakes generated at the ice-floe edges 
is governed by local advection, i.e. basically by hori- 
zontal advection with the mean flow and vertical tur- 
bulent diffusion. From the theory of local advection it 
follows that 
In (Zb/(Zo)) Zb//2 = const., (14a) 
where const.~0.35 according to Claussen (1991b). A 
simple, but convenient approximation to Eq. (14a) is 
Zb = @0) 0.2 (/2/2)0.S. (14b) 
Actually it turns out that a precise evaluation of zb is 
not necessary, because the large-scale momentum flux 
does not vary significantly with Zb for the range of (Zo) 
and/2 considered here. 
With respect o the turbulent heat fluxes, empirical 
data discussed in Beljaars (1982) and Beljaars and 
Holtslag (1991) support he conjecture that over a ter- 
rain with steep roughness elements, they are not di- 
rectly affected by the form drag of such elements. 
Therefore, Claussen (1992) suggests evaluating only 
large-scale momentum fluxes from the large-scale 
roughness length, whereas turbulent heat fluxes should 
be estimated from local roughness lengths. Thus, it is 
consistent with St6ssel (1992) to compute the turbulent 
heat fluxes locally over each surface type, with the 
forcing being specified at approximately the level of 
the blending height (Claussen 1991b). Since the local 
roughness lengths of ice and water do not differ strong- 
ly, computation of heat fluxes at any level Za within the 
surface layer seems to be a fair approximation, pro- 
vided that za and zb are of the same order of magni- 
tude (Claussen 1991a). Therefore, the turbulent heat 
fluxes are calculated locally using Eq. (3). 
While the local momentum fluxes (due to skin drag 
only) are obtained in a similar way according to Eq. 
(2), the large-scale momentum flux is additionally to 
the large-scale roughness length modified by a large- 
scale stability. Its effect on the large-scale friction vel- 
ocity is given by: 
(1 (z /e --'l) u.= IVa i ,  n 0) (15) 
where /~M: large-scale stability function, 
/~i: large-scale Richardson umber. 
This friction velocity determines the effective drag 
coefficient (Cd = (t~,/I Va I)2), which finally modifies the 
stress between atmosphere and sea ice (~-a). 
The large-scale stability function is determined ac- 
cording to Eq. (4), where the local Richardson umber 
is substituted by/?i. The latter is evaluated by assum- 
ing that the large-scale stability is not directly affected 
by the form drag of obstacles (as mentioned for the 
heat fluxes). Hence, Fro, and thus Ri, are approximated 
from the averaged stresses ignoring form drag, i.e.: 
i% = 
C,((Zo)) IVal ~' (16) 
where 
(u 2) =- N , ,  2, + (1-N,)  U2o. (17) 
In an earlier report (St6ssel and Claussen 1992) it 
was suggested that/~i be determined irectly from the 
averaged momentum and turbulent heat fluxes at the 
blending height. However, that formulation turned out 
to be inconsistent with the asymptotic limit in which 
42 should approach (u 2) when Z0 is close to the local 
roughness lengths, i.e. when surface obstacles become 
negligible. 
4 Results 
4.1 Major impact 
The major impact with these modifications of the ASL 
parameterization for the dynamic forcing of the sea-ice 
- oceanic mixed-layer model (StOssel 1992) is expected 
to occur over sea ice with ice compactness between 90 
and 99%. This happens to be the dominant ype of 
Antarctic sea-ice distribution in autumn and winter 
(April to October). Thus, the analysis will focus on 
winter situations, either on a daily basis (August 28, 
1986) or on the seasonal mean (June, July and August 
1986). The impact of the new parameterization will be 
represented largely as differences to the earlier re- 
sults. 
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Compared to the earlier simulations with ASL pa- 
rameterization (StOssel 1992), the winter ice compact- 
ness is rather similar, with a tendency toward slightly 
reduced ice concentrations in the interior ice pack and 
toward a higher zonal variability of the ice edge. 
Otherwise, the results in terms of ice extent and width 
of the marginal ice zone (MIZ) are almost identical. 
The most crucial variable indicating the skill of sea- 
ice simulations is the ice-thickness distribution. The 
impact of the new ASL parameterization that quan- 
tity is shown in Fig. 1 as seasonal (quarterly) mean and 
as difference to the earlier results with the local ASL 
formulation. Since ice thickness is largely inert to daily 
fluctuations (in contrast o the ice velocity), its daily 
distribution pattern is similar to the monthly or season- 
al-mean pattern. Generally, the ice-thickness distribu- 
tion encounters a more dynamic pattern than with the 
earlier formulation in the sense that ice thicknesses are 
increased in convergent regions (by up to one metre) 
and decreased in divergent regions (by up to half a 
metre). The more dynamic character egionally leads 
to closer agreement with observations, as far as they 
are available in terms of ice thickness (Wadhams et al. 
1987; Lange and Eicken 1991; Gow et al. 1987). 
As a consequence of using the large-scale momen- 
tum flux instead of the local one, ice velocities en- 
counter egionally an increase of up to 2 cm/s on a sea- 
sonal-mean basis (Fig. 2) and of up to 14 cm/s on a 
daily basis (Fig. 3). In regions of the daily convergent 
ice drift, e.g. in the eastern Ross Sea, ice velocities are 
REFERENCE LINE: 0 UNIT: cm MIN=-50 MEAN=2 
CONTOUR INTERVAL: 20 ~i:!~:i.!*i:!:~:=~] > 0 MAX=I 16 STDV= 15 
Fig. 1. Quarterly mean (June, July and August, 1986) ice-thick- 
ness differences with the dynamic forcing derived from large- 
scale minus local ASL-quantities. The thick solid line represents 
the contour line of 20% ice compactness, which is considered to
be the ice edge 
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REFERENCE LINE: 0.0 UNIT :  cm/sMIN=- l .2  MEAN=0.2 
CONTOUR INTERVAL: 0.4 li:i:!:~:~:i:i~i*~:i,i:~:!:!l > O.OMAX=1.9 STDV= 0.4 
Fig, 2, Ice-velocity differences; otherwise as Fig. 1 
REFERENCE LINE: 0.0 UNIT: E-3 MIN=O,O MEAN=0.9 
CONTOUR INTERVAL: 0.2 MAX=1.7 STDV= 0.5 
Fi E . 4. Daily large-scale drag coefficient 
REFERENCE LINE: 0 UNIT :  cm/s  MIN=-4  MEAN=I 
CONTOUR INTERVAL: 2 I:!.~:i:i:i:~:i:i:~i¢!:i:;:i~ > 0 MAX=I 4 STDV= 2 
Fig. 3. Daily (August 28, 1986) ice-velocity differences; otherwise 
as Fig. 1 
REFERENCE LINE: 0.0 UNIT: MIN= 0.0 MEAN=O.I 
CONTOUR INTERVAL: 0.1 Ii:[:i:!~:i:i:i~:!~:!~:~a > O.OMAX:I .4 STDV= 0.2 
Fig. 5. Daily large-scale Richardson umber 
locally reduced by almost 4 cm/s. Generally, all veloci- 
ties in the interior ice pack are increased, with the 
highest values occurring in the divergent regions of the 
Weddell and Ross Seas. 
Due to the decrease of the ice thickness in divergent 
ice-drift areas (essentially in the offshore ice-drift re- 
gion of the Ross Sea), the possibility for new-ice 
growth is enhanced, leading to more brine rejection 
followed by a stronger oceanic convection and a subse- 
REFERENCE LINE: 0.0 UNIT: M IN=-2 .7  MEAN=-0.1 
CONTOUR li'ITERVAL:O.1 I~:i:i:~::::~::~:::~,~;;~:ii > O.OMAX=O.O STDV=O.3 
Fig. 6. Daily large-scale minus local Richardson umber 
REFERENCE LINE: 0 UNIT: W/m2 MIN=-153 MEAN=- IO  
CONTOUR INTERVAL: 10 ~i:~:~:~:::~:i:i~:.~:~1 > 0 MAX=52 STDV=52 
Fig. 7. Daily average sensible heat flux, shaded areas showing 
downward (positive) fluxes 
quent deepening of the oceanic mixed layer (not 
shown). Accordingly, the wintertime spatially-aver- 
aged vertical oceanic (entrainment) heat flux is slightly 
increased, again leading to closer agreement with ob- 





The reasons for these results are analyzed in the fol- 
lowing. The final variable modifying the dynamic forc- 
ing of the sea-ice model is the air-ice drag coefficient, 
which is determined in the present formulation by the 
large-scale roughness length and the large-scale stabili- 
ty of the ASL. Since it is the accumulated effect of the 
instantaneous (daily) drag coefficient which deter- 
mines the characteristic of the seasonal ice field, and 
not the seasonal mean of the drag coefficient, this is 
represented here as a daily result. The spatial distribu- 
tion of its absolute value is shown in Fig. 4. It reflects 
essentially the synoptic scale variability. Additionally, 
it shows large areas with low drag in the central and 
southern Weddell Sea, the Bellingshausen Sea and the 
eastern Ross Sea. These areas coincide with the pat- 
terns of higher static stability in the ASL, presented in 
Fig. 5 for the same date. 
Comparing these results with those from the local 
momentum calculation (St/Sssel 1992), there is nev- 
ertheless a significant reduction of the stability in those 
areas, as is demonstrated in Fig. 6. This leads to an in- 
crease of the drag coefficient by about 30%. It follows 
from the large-scale stability function, where instability 
effects from leads are taken into account. 
In this context, it is interesting to note that the aver- 
aged turbulent heat fluxes, essentially determined by 
the sensible heat flux, are negative, i.e. upward, in the 
areas of/~/-reduction (Fig. 7). This phenomenon illus- 
trates the Schmidt paradox referred to in Claussen 
(1991b), demonstrating that while the large-scale stra- 
tification is stable, the averaged heat fluxes point up- 
ward thus acting 'counter' to the overall vertical gra- 
dient of potential temperature. 
The other variable modifying the air-ice drag coeffi- 
cient is the large-scale roughness length, shown in Fig. 
8, which is different to the one used with the local 
momentum forcing, which was specified to be constant 
with z0i= 1" 10-3 m. An overall increase of the rough- 
ness length is encountered, which locally (and tempo- 
rarily) may reach a factor of three. 
Since the most cumbersome quantity in the present 
scheme is the fetch over the ice floes and the leads, it is 
worthwhile investigating the sensitivity of the large- 
scale roughness length to variations of those quantities. 
This is done by specifying constant values for Li, rang- 
ing from 20 m to 2000 m. The most prominent differ- 
ences between the upper and the lower case occur in 
terms of the large-scale roughness length (~o) and, of 
course, the blending height (Zb; see Eq. 14b). While Z0 
increases at the MIZ at the lower margin of Li when 
compared with the standard prescription (not shown), 
it adopts almost the local value Zos at the higher mar- 
gin. Together with the fact that all other variables, es- 
pecially, Cd, do not vary significantly (Cd at most 10%), 
this implies that the varying large-scale roughness 
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Fig. 8. Daily large-scale minus local roughness length 
length has only a small impact on the drag increase, if
this is assumed to be determined by the floe size. 
More dramatic hanges occur when the freeboard of 
the ice-plus-snow column is increased, e.g. by one 
metre. Then the large-scale roughness length experi- 
ences an increase of up to one order of magnitude, and 
the large-scale drag coefficient correspondingly b  a 
factor of up to two. Relating such exaggerated free- 
boards to observed features, one could associate them 
with heavily ridged ice floes. However, since such fea- 
tures are observed to occur only occasionally in the 
Southern Ocean region (Lange and Eicken 1991), it is 
not worthwhile considering them in the present large- 
scale simulation. In the Arctic ice pack, on the other 
hand, higher pressure ridges and more hummocked ice 
are observed, which may lead to a stronger contribu- 
tion to the large-scale roughness length (Overland 
1985). 
With respect to the differences in stability and 
roughness length, it is interesting to note that there is a 
direct interaction between their magnitudes and the 
dynamics of the ice pack. With the large-scale ap- 
proach, the ice concentration decreases slightly in most 
regions, leading to more openings in the ice pack, thus 
weakening the stratification and increasing the shelter- 
ing effects due to floe edges. This represents a positive 
feedback, which finally leads to an equilibrium state 
between the large-scale ASL-quantities and the surface 
characteristics. 
4.3 Assessment 
The question arises immediately, whether the results 
are reasonable and represent an improvement. Gener- 
ally, the results are more realistic than the earlier ones 
in terms of the ice drift and the ice-thickness distribu- 
tion, judging from the sparse in situ observations avail- 
able. However, similar results could also be achieved 
e.g. by changing the empirical parameters of the sea- 
ice model or by changing the ice-ocean drag (St0ssel et 
al. 1990; St6ssel 1992). Thus, it is necessary to verify 
the individual ASL quantities. 
However, there is an inherent difficulty in deriving 
large-scale quantities from local observations. HG col- 
lected such data from two soundings over the Fram 
Strait ice pack with an ice compactness of 60%, neutral 
stratification, a wind velocity of about 5 m/s, a mean 
freeboard of 0.4 m and a mean floe size of 20 m. Apart 
from the observed large-scale roughness length, which 
differs by about one order of magnitude from our com- 
putations, our results for corresponding situations (ex- 
cept for Li) are similar. For the large-scale roughness 
length, the same order of magnitude as measured by 
HG is achieved when Li is specified as 20 m and the 
extended formulation of the skin drag for/3< 500 (Eq. 
24 in HG) is used. 
The range of the computed large-scale drag coeffi- 
cient (see Fig. 4) coincides with corresponding ob- 
served values (Andreas et al. 1984; Overland 1985). 
While Cd in Fig. 4 represents primarily the 30 m value, 
the one usually referred to in the literature is the 10 m 
value, which is generally about 20-30% higher. The 
upper and lower values of the large-scale drag coeffi- 
cient are always correlated with areas of lower and 
higher stability in the ASL. The minimum of 0.1" 10 -3 
corresponds toa computed stability close to the critical 
Richardson number of 0.21, associated with low to 
moderate winds and very high ice compactnesses. This 
is within the same order of magnitude as derived from 
measurements (McBean 1986) and agrees with the em- 
pirical derivation of the stable drag coefficient from 
the neutral one via Za/L (where L denotes the Monin- 
Obukhov length) introduced by Banke et al. (1980). 
Adjusting measurements from low-level flights over 
the central Arctic in winter (Walter and Overland 
1991) to ASL quantities, similar figures can be ob- 
tained. 
A prominent result is that the large-scale stratifica- 
tion is significantly reduced in areas where the aver- 
aged heat flux over the heterogeneous icepack is up- 
ward. It is known that in autumn and wintertime ven 
a small fraction of leads within the ice pack exerts a 
considerable impact on the overall heat balance (May- 
kut 1986; Overland and Guest 1991; Worby and Alli- 
son 1991). If the leads are favourably distributed, the 
strong turbulence in the lead area of unstable stratifi- 
cation may act counter to the overall arge-scale stratif- 
ication (Claussen 1991b). It remains to be verified, 
however, how much this effect contributes to a reduc- 
tion of the large-scale stability. Recent near-surface 
(~ 30 m) airborne measurements over Artic sea ice in 
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autumn (Hartmann et al. 1992), covering a track from 
ice-free waters via the MIZ to areas of compact sea ice, 
indicate a high variability of the momentum fluxes. A 
corresponding variability in the sign of the turbulent 
heat fluxes suggests that the momentum fluxes are 
dominated by thermodynamic effects. 
A detailed analysis of such data together with their 
translation to stability in the ASL could give support 
for the present results. It must be emphasized, howev- 
er, that a large-scale Richardson number is certainly 
not a quantity which can directly be derived from 
measurements. In that sense it should be considered 
more as an 'artificial' quantity introduced in order to 
cope with the different scales involved. 
5 Conclusions 
An attempt has been made to modify the dynamic at- 
mospheric forcing for a large-scale sea-ice - oceanic 
mixed-layer model by deriving large-scale ASL and 
roughness parameters from local, sub-grid scale quan- 
tities. An essential assumption for this derivation is the 
specification of the forcing at a level of the order of the 
blending height. 
An enhancement of the momentum flux was asso- 
ciated with both a reduction of the ASL-stratification 
and an increase of the roughness length, as compared 
to the corresponding values of the earlier local calcula- 
tions. A significant reduction of the static stability was 
encountered in regions, where the averaged turbulent 
heat fluxes pointed upward. The impact on the results 
of the sea-ice - oceanic mixed-layer model was posi- 
tive, as far as they could be verified by observations. 
The magnitudes of the boundary-layer variables 
were reasonable, too, noticing that large-scale quanti- 
ties are difficult to derive from measurements. The 
large-scale stability and the large-scale roughness 
length were the key variables in this study. However, 
recent observations (Overland and Guest 1991; Kott- 
meier personal communication) suggest hat the stra- 
tification of the atmospheric boundary layer depends 
strongly on the radiative budget, being dominated in 
wintertime by the net longwave radiation, which itself 
is highly correlated with the presence of clouds. In the 
present study, clouds are crudely specified by climato- 
logical, annual mean and zonally averaged estimates 
(see St6ssel et al. 1990). Further refinements and ex- 
periments are clearly needed to analyze their impact. 
The present study focused on problems related to 
the treatment of different relevant scales within a tran- 
sition zone from one climate component to another, 
with emphasis on the efforts to couple atmospheric and 
oceanic models in sea-ice regions. It is suggested that 
the coupling interface (including sea ice and snow), to- 
gether with the atmospheric and oceanic boundary 
layers, should be considered as an integral transition 
zone between the 'free' media. While the free atmo- 
sphere and ocean are characterized mainly by geos- 
trophic balances, the transition zones are dominated by 
frictional and buoyancy effects, with various interactive 
exchanges between the different components. If a het- 
erogeneous distribution of two such components i en- 
countered within one model-grid spacing, the interac- 
tions are largely determined by local processes. As in- 
dicated in this study, it is worthwile incorporating these 
sub-grid scale processes and to transform them into 
large-scale quantities in a physically reasonable way in 
order to provide a proper transition to the 'undis- 
turbed' bulk of the atmosphere and the ocean. 
Although applied here for forced experiments only, 
a scheme similar to the one presented is proposed as a 
tool for matching the GCM-scale coupling over sea-ice 
covered regions. Together with the implementation of
physically more sophisticated sea-ice models in GCMs, 
this could lead to significant improvements of GCM re- 
sults in polar regions and lend more credibility to the 
sensitivity of sea-ice related impacts. 
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